Two high-resolution hydrographic sections occupied during February, March 1989 in the western and eastern basins of the North Atlantic at 14SN are combined to study the water mass structure and meridional mass and heat transports. Absolute velocities were determined using these data and an earlier section at 8N in a linear inverse analysis. Mass balance for several layers representing the main water masses in the region and a zero net divergence for the sum of geostrophic and Ekman transport between the two sections are assumed. Using the annual mean of Ekman transports (13.6 Sv, 14SN), (15.2 Sv, 8N) based on the climatology by Isemer and Hasse (1985) the annual average fluxes for the sections at 8N and 14.5N have been calculated. For the annual mean the strength of the meridional overturning cell at 14.5N amounts to 15.9 Sv with an associated heat transport of 1.22 PW. A similar value can be obtained at 8N where the annual mean heat transport reaches 1.18 PW and the overturning cell measures 15 Sv. The total northward heat transport is strongly dominated by the wind-driven Ekman heat transport.
Introduction
Transatlantic hydrographic sections were used in early oceanographic studies to provide a description of the large-scale water mass structure and circulation [e.g. Wiist (1936) Defant (1936) Fuglister (1960) , Warren (1973) ]. In the tropical and subtropical North Atlantic several of these lines were established during the International Geophysical Year (1956/57) some of which have been reoccupied since then. Recent concern with the role of the ocean in forcing global climate change has focused attention on the ability of the ocean to transport heat. Data from transatlantic sections thus are now also used to study meridional heat flux by ocean currents (Bryden and Hall (1980) ; Roemmich (1983) ; Roemmich and Wunsch (1985) , for instance). Many of the earlier heat flux estimates were made at 24.5N in the Atlantic where reliable measurements of the western boundary current offered an opportunity to determine the oceanic heat flux within small error limits and establish the annual cycle (Molinari et al., 1990) . For low latitudes, however, very few estimates exist and very little is known from direct heat transport calculations about the annual variability.
A transatlantic section was occupied in the tropical North Atlantic Ocean along 14.5N. The transect, completed in February-March, 1989 , was performed by two ships, the F.S. Meteor in the eastern Atlantic and R. V. Albatross in the western Atlantic. Although the location of the section was somewhat dictated by operational constraints, there is adequate scientific justification for its location. In particular, both modelling and observational studies indicate that oceanic heat flux has a maximum somewhere in the Atlantic tropics. The composition of the total heat flux can be expected to be somewhat different within this tropical band. At 14.5N, Ekman flux should make a larger contribution to heat flux than at 24.5N, for instance (Sarmiento, 1986) .
The data from this section are therefore used to estimate meridional oceanic heat flux through 14.5N. We begin with a description of the available data. A brief description of transatlantic sections of temperature and salinity is given, followed by estimates of volume transport and heat flux. A discussion of the relation of the 14.5N results to other studies completes the text.
The data set
In February 1989, the Marine Physics Department of the Institut fur Meereskunde, University of Kiel, Germany and the Physical Oceanography Division of NOAA's Atlantic Oceanographic and Meteorological Laboratory, Miami, Florida joined in an observational program. A hydrographic section along 14.5N was performed by two vessels. F.S. Meteor occupied the stations between the Mid-Atlantic Ridge (MAR) and the African coast (Fig. la.) . Approximatley two weeks later R/V Albatross IV occupied the western part of the section between the MAR and the West Indies. The westernmost part of the Albatross section departed from a strictly zonal orientation (Fig. lb) . The change in orientation was necessary in order to complete the section at a continental slope and to approach this boundary perpendicularly.
At the western boundary, station spacing was about 30 nautical miles, with all casts 14-FEB-1989 7:43 11" 19.32'N 14-FEB-1989 12:45 11" 42.30'N 14-FEB-1989 17:18 12" 7.08'N 1. 5FEB-1989 21: 0 12" 34.20'N 15FEB-1989 0:34 12" 53.88'N 15-FEB-1989 4:19 13" 12.18'N 15-FEB-1989 8:20 13" 31.98'N 15-FEB-1989 12:56 13" 51.00'N 15- FEB-1989 18:09 14" 13.92'N 16-FEB-1989 23 14" 30.42'N 14" 31.20'N 14" 32.10'N 14" 30.60'N 14" 30.72'N 14" 31.50'N 14" 31.02'N 14" 30.30'N 14" 29.88'N 14" 2880'N 14" 33.60'N 14" 29.70'N 14" 29.58'N 14" 30.00'N 14" 31.98'N 14" 31.38'N 14" 31.32'N 14" 31.20'N 14" 31.32'N 14" 30.12'N 14" 30.30'N 14" 30.30'N 14" 31.08'N 14" 30.30'N 14" 30.18'N 14" 30.00'N 14" 28.98'N 14" 31.98'N 14" 30.12'N 14" 30.78 (Saunders, 1986) and overlapping calibrated Albatross station values indicated that the Meteor salinity values were 0.003-0.004 psu lower. These differences are attributed to differences in standard seawater batches (Mantyla, 1987) . A constant salinity correction of +0.003 psu was added to the Meteor data to make the data-sets compatible (Fig. 2) . The accuracy of the final data set is kO.002 psu.
Water masses and vertical sections
The deeper water masses observed on the Albatross section have been described in Molinari et al. (1992) . Water masses within the eastern basin have been described in Klein (1992) . Therefore, herein, we will only briefly review these earlier findings. Figure 3 presents the zonally averaged temperature/salinity relationship for the 14SN section. For each station the salinity was calculated as a function of potential temperature subdivided into O.l"C classes and finally averaged over the whole section.
Proceeding from the upper portion of the water column, the first extremum in TS properties at about 22°C is associated with the salinity maximum characteristic of Subtropical Underwater (SUW), also called Subtropical Salinity Maximum Water. This water mass is formed in the eastern subtropical Atlantic, where evaporation exceeds precipitation (Defant, 1936; Worthington, 1976) . At 14SN the SUW is divided into two salinity maxima one of North and one of South Atlantic origin. The straight line portion of the TS curve between about 8 and 20°C represents both North and South Atlantic Central Water. The former is saltier and found in the western part of the section and the latter in the east. The Central Water is bounded below by the salinity minimum of Antarctic Intermediate Water (AAIW) at about 6°C. Proceeding deeper, the salinity maximum characteristic of the various components of North Atlantic Deep Water (NADW) is bounded below by mixtures of Antarctic Bottom Water (AABW) and NADW (Worthington, 1976) . There is a large scatter (not shown in this figure) about the mean TS curve at all potential temperatures indicative of the variability of the water mass characteristics along the section. The variability will be discussed in more detail shortly.
Vertical sections of potential temperature, salinity and salinity anomaly from the Albatross section were described in Molinari et al. (1992) . Similarly, Meteor sections for potential temperature and salinity were discussed in Klein (1992 transatlantic sections of potential temperature, salinity, density and salinity anomaly are described ( Fig. 4a-d ). Density is given as potential density referenced to the surface for values above 27.88 kg/m3 and to 4000 dbar below. The salinity anomaly is defined as the difference between the observed salinity and the zonally averaged salinity at the same potential temperature, as given in Figure 3 . The potential temperature section (Fig. 4a) shows a deepening of the upper thermocline depth from east to west. In fact, isotherms within the thermocline in the west intersect the sea surface in the east. Below about 3000 m, the isotherms become discontinuous across the MAR. Much lower temperatures are observed west of the MAR. Table 1 .
Salinity
The salinity sections display the distinct extrema described above. In the upper thermocline, the subsurface salinity maximum of SUW reaches values above 37.2 psu near the western boundary (Fig. 4b ). This salinity maximum is subducted and carried away from its source region within the anticyclonic subtropical gyre (Defant, 1936; Bauer and Siedler, 1988) . At 14SN it extends well across the MAR, but is not observed on the easternmost stations.
Below the SUW, salinity decreases to a minimum value at about 750 m (i.e., AAIW). Lowest AAIW salinities are observed on the extreme western side of the section. Below the AAIW salinities increase again within the depth range of NADW. This water mass is traditionally subdivided into three layers (Whist, 1936) . In the upper NADW, contributions from Mediterranean Water can be identified by the salinity maximum between 1400 and 1800 m in the west. This core appears in the salinity anomaly plot as well as the salinity section (Fig. 4d,b) .
Close to the western boundary, the high salinity anomaly core is coincident with a chlorofluorocarbon (CFC) core (Molinari et al., 1992) . Pickart (1992) , using CFC data, determined the formation region to be inshore of the North Atlantic Current and south of the formation region of traditional Labrador Sea Water. This water is transported south under the Gulf Stream, where it is mixed with warmer and saltier water on the offshore edge of the DWBC, thus obtaining a higher salinity signal. The core of higher salinity anomaly at 1500 m is separated by a layer of lower anomaly from a deeper high salinity core between 3250 m and 4500 m (Fig. 4d) . This lower core, also coincident with a high CFC core (Molinari et al., 1992) originates through mixing of Denmark Strait Overflow Water and other sources of deep water formation.
The two high salinity and CFC cores of DWBC are continuous features of the water mass distribution between 26N and 13N, (Fine and Molinari, 1988) . Jenkins and Rhines (1980) observed two cores with high tritium concentrations at nearly the same levels as the salinity and CFC cores. They considered the minimum tritium water between the cores to be generated by entrainment of water masses from the subtropical ocean.
Below 3000 m, salinity as well as temperature is discontinuous across the MAR (Figs. 4a and 4b). Lowest bottom salinities and temperatures are observed in the western basin. The MAR is acting as a barrier to the coldest and freshest Antarctic Bottom Water (AABW) in this depth range. A supply of AABW into the eastern Atlantic is provided through the Romanche Fracture Zone near the Equator and the Vema Fracture Zone at 11N (Wust, 1936; McCartney et al., 1991) . Only diluted forms of AABW reach the eastern basin because of mixing with overlying water in the fracture zones.
The influence of AABW in the eastern basin and its various pathways have been studied by McCartney et al. (1991) . From their study it is evident that northward of the Equator to approximately 8N the eastern basin is influenced by AABW which entered through the Romanche Fracture Zone at the Equator and is warmed considerably through mixing on its way north. A second tongue of colder AABW that enters the eastern basin through the Vema Fracture Zone at 11N is also visible in their study. However, its northern extent and strength could not be properly resolved with the available data set since the next section to the north was situated at 16N. No bottom water with temperatures less than 1.8"C was found along this section.
Lowest bottom salinities and temperatures in the eastern and western basins are listed in Table 2 for sections at 16N, 14.5N and 8N. The two sections at 8N and 16N have been sampled during the IGY program in 1956/57. The inflow of colder and fresher AABW through the Vema Fracture Zone into the eastern basin is evident from the fact that temperatures and salinities are significantly lower at 14.5N than to the north and south. At 14.5N, AABW has filled the deepest part of the eastern basin with the lowest potential temperatures less than 1.75"C (Table 2 ). Compared to the densest water observed at the outflow of the Vema Fracture Zone, with a potential temperature of 1.66"C, (McCartney et al., 1991) there is surprisingly little evidence for further mixing. In order to compute a thermodynamically rigorous heat flux estimate from a single transect, the net mass transport through the section must be zero; i.e., the total integrated geostrophic transport has to balance the net Ekman transport. In order to evaluate the climatic relevance of a heat flux estimate from an isolated section, the long-term representativeness of various components must be considered. This applies particularly to the surface wind stress which has a large annual signal in the tropics (Isemer and Hasse, 1885) . Monthly estimates of Ekman transport will therefore differ considerably from the annual mean and will not be representative of the annual average. During the first 3 months of 1989 the actual wind data even showed larger than seasonal amplitude variations. This variability will be discussed in detail in Section 7 in comparison with another heat transport section at 11N. We will present calculations using either mean monthly or annual mean winds, and for comparison purposes in-situ winds. These estimates will be used in combination with the geostrophic signal to calculate the heat flux through the sections. Boning and Hermann (1994) provide modelling results that suggest that the annual signal of the geostrophic overturning circulation is very small in the tropics and subtropics, i.e., an isolated section can provide a representative estimate of the mean annual heat flux due to meridional overturning.
The Isemer and Hasse (1985) wind stress climatology was used in our computations to estimate the Ekman transports. Using the mean monthly February wind stresses, the Ekman transport through the 14SN section is 15.9 Sv. Using the mean annual wind stress, the Ekman transport is 13.6 Sv. The actual winds measured along 14.5N in February 1989 by the shipboard sensors amounted to an Ekman transport of 19.3 Sv which is somewhat higher than the climatological mean but comparable within error bars. One reason for using the climatological values instead of the instantaneous ones is that the 14.5N section will be compared to a section at 8N for which no concurrent wind measurements were available.
In the simplest geostrophic calculation, a level of zero velocity at the depth of the 4.7"C isotherm was selected following Molinari et al. (1992) . In cases were the 4.7"C [53,6 isotherm was not encountered within the depth range of the profiles the bottom was selected as reference level. This isotherm, found at a depth of about 1400 m, was chosen as it represents the approximate boundary between AAIW and NADW and it can be expected that on long time scales the two water masses flow in opposite directions. The total geostrophic transport was 10.5 Sv to the south resulting in a net transport imbalance of 5.5 Sv with respect to the February Ekman transport. To the lowest order, a zero mass balance could be obtained for the 14.5N section by applying a uniform barotropic velocity to the whole section with a magnitude of -0.064 cm/s (positive values indicate northward velocities). However, such an approximation ignores any possible longitudinal dependence for the barotropic component of the flow through the section. Thus, a linear inverse analysis was employed to estimate the barotropic velocity field.
To apply the analysis at least two coast-to-coast sections are required. Geostrophy, mass conservation, and a zero velocity level at the depth of the 4.7"C isotherm are assumed. As second transect an IGY-section at 8N is used. This section was occupied during May 1957 and the assumption of long term stationarity and small annual signal throughout the water column were therefore required. As discussed above the model results of Boning and Hermann (1994) support the second assumption, the first will now be discussed.
As for the 14.5N section, a lowest order mass balance calculation was performed for the 8N section applying a uniform barotropic velocity to balance either the annual mean Ekman volume transport (15.2 Sv) or a monthly mean for May (21.2 Sv). With a time spacing of more than 30 years between the two sections changes in the baroclinic structure due to variability in the production rate of deep and bottom waters cannot be discarded a priori and the decadal variability has to be examined before the two sections can be combined in the inverse analysis. A comparison of layer transports from the lowest order mass balance calculations showed similar structures and comparable magnitude of transports, thus gave no indication of major changes in the baroclinic structure. Imbalances in transports between the two sections are probably due to the assumption of a uniform barotropic reference velocity for the entire section. This compares to the results by Roemmich and Wunsch (1985) who analyzed sections at 24N and 36N and obtained better transport balances using the inverse technique to determine the reference velocities.
Calculations of volume and heat transport estimates using a monthly mean Ekman transport should be viewed as representing a seasonal view of the fluxes. May as well as February fall into the season of maximum wind-driven transport which has a peak between December and May (Fig. 5) . Over the entire period of high Ekman transport very little variation is observed and amplitudes differ by less than 2.5 Sv over the whole time range. For the seasonal view we therefore chose the climatological mean of the respective month instead of a seasonal mean assuming that they are comparable within error bars. While the spring maximum is rather broad the A detailed description of the flow field and associated layer transports will only be given for the seasonal case since the annual mean has very similar structures. In the inverse analysis, for each of the layers listed in Table 3 , mass conservation is required for the box formed by the two sections. As an additional constraint, the Ekman transport must exactly balance the geostrophic transport. The solution of the underdetermined linear equation system is found by singular value decomposition. The results of this analysis are station-dependent barotropic corrections which are displayed in Figure 6 for the seasonal case.
Absolute velocity transects for the seasonal case are given in Figures 7 and 8 . In both sections enhanced shallow northward transport is found at the western boundary, at depths less than 1000 m and at the shelf break, with a southward flow separating the two branches. It is somewhat difficult to define the boundary current transport in this region where it is not confined by topography like in the Straits of Figure 6. Barotropic velocity corrections from the inverse calculation for the sections at 8N and 14SN. Calculations have been performed using a monthly mean Ekman transport.
Florida. The upper limit of boundary current transport is obtained by taking the transport in the two northward bands and ignoring the southward counterflow. Maximum northward transport as defined above amounts to 23 Sv at 8N and 24 Sv at 14SN (see schematic in Fig. 10 ) and is partitioned into nearly equal amounts between the branches over the shelf and the shelf break ( Fig. 7 and 8 ). It is reduced by about 6 Sv at both latitudes if the counterflow is taken into account.
The deep western boundary current (DWBC) can be seen flowing in opposite direction to the surface layer (Fig. 8) . The two high salinity cores seen in Figure 4b coincide apporoximately with the depth of velocity cores at about 1750-2000 m and 3250-4500 m (Fig. 8) . On the western flank of the MAR a bottom-intensified northward flow can be observed which is coincident with AABW propagation.
Net transports have been computed using the absolute velocity field for each of the 7 layers given in Table 3 . The results are displayed in Figure 9 . Table 4 gives layer transports and divergences for both the seasonal and annual case.
In the seasonal case the overturning cell defined as the sum of NADW and AABW transports has a strength of 17.7 Sv at 14.5N. The net geostrophic divergence in the uppermost layer (Table 4) Table 3 at 8N and 14.5N. The layer transport represent the seasonal case.
In the calculations for the annual mean the overturning cell is slightly reduced to about 15 Sv at 14.5N. In the surface layer a weaker divergence still exists which is compensated again by a convergence in the wind-driven transports. In the annual mean case (Table 4 ) slightly higher AAIW transports are obtained. Between 0.8 to 1.4 Sv are transported north through both sections. The NADW transport at 14.5N amounts to 16.2 Sv to the south below which a small amount of (0.3 Sv) of northward AABW transport is estimated.
5. The components of heat transport Jung (1952) and Bryan (1962) demonstrated that oceanic heat transport (HT) through a latitude circle can be approximated by:
(1) with p = in-situ density, cP = specific heat at constant pressure, 8 = potential temperature and v = absolute meridional velocity. It is essential that mass is conserved over the integration area, so that the integral does not depend on the units of the temperature scale.
An unknown absolute velocity field represents the major difficulty in calculating oceanic heat transport directly from hydrographic observations alone. Hall and Bryden (1982) developed a method which was applied at 24N and avoids the problem of determining absolute geostrophic velocities for a whole section but requires the direct transport measurements in the western boundary current. The compensating mid-ocean geostrophic transport is then given by the boundary current transport and the wind-driven transport. The only other assumptions in this approach are that the depth integrated potential temperature is uniform over the section (valid at 24N) and that compensation for the Ekman transport is associated with this temperature (supported by the modelling results of Boning and Hermann, 1994) . A similar argument about the compensating return flow has been used by Kraus and Levitus (1986) in their study of the annual cycle of the meridional Ekman transport. This argument might not hold everywhere. Bryden et al. (1991) investigating the subtropical Pacific, found that changes in the seasonal circulation of the Pacific were confined to the upper 700 m.
In our approach the oceanic heat transport follows directly from the calculations of the absolute velocity field and the given potential temperature distribution. Estimating the absolute velocities through the inverse analysis automatically guarantees a zero mass balance over the integration area. We will decompose the total heat flux derived in this manner into components similar to those used by Hall and Bryden [53, 6 Molinari et al. (1990) and those for 11N are taken from Friedrichs and Hall (1993) . (1982) for comparison purposes. Errors in our approach are primarily related to uncertainties in the estimates of absolute velocity, as we will discuss shortly. When we decompose the heat flux, the definition of western boundary transport also becomes important. Ekman heat fluxes were computed from Ekman volume transports multiplied by the average temperature of the Ekman layer which was assumed to have a constant depth of 50 m. In the seasonal case we computed Ekman heat fluxes of 2.28 PW at 8N and 1.57 PW at 14.5N from the Isemar and Hasse (1985) climatology. Cumulative geostrophic heat fluxes in this case amounted to -0.59 PW at 8N and -0.20 PW at 14.5N, producing the respective total heat transports of 1.69 PW and 1.37 PW.
In the annual mean Ekman heat flux at 8N was reduced to 1.64 PW and to 1.34 PW at 14.5N. The accompanying geostrophic heat transports were -0.46 PW at 8N and -0.14 PW at 14.5N giving a total of 1.18 PW and 1.22 PW respectively.
The total heat transports are listed in Table 5 a and b. They have been calculated using the absolute velocities derived from the inverse analysis. These transports were then divided afterwards into barotropic, baroclinic and Ekman heat transports as defined by Hall and Bryden (1982) . The western boundary current transport corresponding to the estimates of barotropic heat flux is taken as 18 Sv at 14.5N. The compensating return flows were assumed to take place at the section-averaged Table 5a represents the climatological month of March, while the annual mean (Hall and Bryden, 1982) is given in Table 5b . Values for the section at 11N are taken from Friedrichs and Hall (1993) and represent an estimate for a climatological March in Table 5a and the annual mean in Table 5b .
The seasonal heat transport estimate at 8N, 1.69 PW, (Table 5a ) is nearly identical with an earlier estimate of 1.61 PW made by Roemmich (1983) using a combination of IGY-sections. The difference mainly results from the use of the Isemer-Haase (1985) climatology with higher Ekman transports compared to the HellermanRosenstein (1983) climatology used by Roemmich (1983) . It agrees in magnitude very well with the monthly budgets of Hsiung et al. (1989) . Their analysis of net surface heat fluxes and heat storage gives a maximum heat transport of 1.5 PW during May in the tropical band between 5-10N. Wunsch (1984) however, calculated upper and lower bounds for oceanic heat transport in the Atlantic. Compared to these bounds the heat transport estimate at 14.5N is in the upper range while the value at 8N, like the prior estimate of Roemmich (1983) lies above the upper bound. However, these bounds had been calculated with the constraint that the heat transport reaches its maximum between 25-30N, while more recent model runs (Sarmiento, 1986 ) indicate a maximum of the heat transport at about 10N.
A significant shift in the dominant term from the subtropical sections at 25N to the tropical sections at 8 and 14.5N is evident in Table 5a . At 25N the barotropic transport associated with the boundary current is the dominant term, while the Ekman transport dominates in both tropical sections. The barotropic heat transport increases to the north.
The baroclinic heat transport reaches a minimum at 14.5N being nearly indistinguishable from zero at this latitude. Higher baroclinic transports exist to the north and south. Model results from Sarmiento (1986) give a minimum of baroclinic heat transport in the tropical ocean, but centered at 10N. In our calculations this term is particularly noisy in the eastern basin changing sign between station pairs everywhere and it cannot be excluded that this term might be affected by the horizontal resolution of the section and the lack of stations on the African shelf.
In the annual case very little variation in total heat transport can be found between 25N and 8N (Table 5b ) with amplitudes ranging between 1.18 and 1.22 PW. Model simulations (Sarmiento, 1986 ) have indicated such a broad maximum of heat transport although they are lower in magnitude. For the tropical sections at 8 and 14.5N the Ekman transport remains the largest contributor. The 11N section is somewhat peculiar as it shows a large barotropic heat transport component in the annual mean. This is partly due to the definition of the boundary current. Friedrichs and Hall Figure 10 . Schematic representation of boundary transports between 10N and 16N. Transport through the passages between the Lesser Antilles has been taken from Stalcup and Metcalf (1972) .
(1993) define the boundary current to be confined over the shelf to depth less than 200 m and include the deeper parts into the geostrophic component. They also argue that all the annual variation in transport is associated with the shallowest part of the NBC over the shelf. The resulting large amplitude in the shallow water and the high temperatures are then causing the large barotropic component.
Errors in heat flux estimates
Errors in heat transport estimates arise from various sources. A small error results from the amount of water which is supplied to the Polar Sea and Atlantic through the Bering Strait. The heat transport associated with the 1.5 Sv transport through the Strait is only -0.03 PW since temperatures are low (Hall and Bryden, 1982) .
Eddies are a further source of errors. They are not well resolved in the sections with a spacing of 150 km between deep stations. As described by Hall and Bryden (1982) this error can be estimated by computing the deviation of the baroclinic transport from its zonal mean. The resulting eddy fluxes are 0.05 PW at 8N and 0.03 PW at 14.5N. An alternative way of calculating the errors associated with the eddy heat transport is applied at 14.5N. At this section shallow measurements (2000 m) alternated with measurements to the bottom (i.e. above 2000 m station spacing was 75 km). The horizontal resolution could thus be increased by including these shallow measurements in the heat transport calculation assuming an invariant deep temperature structure. Differences between both estimates were attributed to the effect of eddy heat transport. The calculated difference is 0.02 PW, in close agreement with the above estimate. It can therefore be concluded that the eddy heat transport does not play a major role at these latitudes, similar to 25N.
Another source of error arises from the fact that no direct current measurements were available in the western boundary current. This may result in an inaccurate estimate of the barotropic component in this current. Although our comparison with other hydrographic measurements and direct current observations shows surprising good agreement, we still attribute a major source of error to this term because of the high variability in the boundary current region. To set an upper bound to these uncertainties we assume that errors in the boundary current transport amount to 10 Sv. Changing the barotropic boundary current signal by 10 Sv must be accompanied by an equivalent but opposite change in the ocean interior in order to satisfy the mass balance. The only way that this uncertainty is going to affect the heat transport calculations is through the fact that the depth-averaged potential temperatures in the boundary current are higher than in the ocean interior. The error in heat transport estimates is therefore associated with the difference between depthaveraged temperatures in the boundary current and in the interior. At 8N the depth-integrated temperatures in the boundary current deviated by 2.5"C from the zonal average, yielding an error 0.09 PW in the heat transport. At 14.5N the depth-integrated temperatures differed by 3.5"C from the zonal mean, with a respective error in heat transport of 0.13 PW.
Assuming an uncertainty of 2 Sv in Ekman transports the associated errors in heat transport are 0.15 PW at 8N and 0.13 PW at 14.5N. Finally both sections have gaps without measurements near the African coast. At 8N the gap is nearly 200 km wide while it is only 50 km wide at 14.5N. The unresolved transport is calculated by taking the next available station pair transport as a reference, resulting in a error of 0.2 PW at 8N and only 0.1 PW at 14.5N. These estimates appear reasonable since they match the average station pair heat transport of stations outside the boundary current regime. The total error at 8N is estimated as +0.52 PW, and kO.42 PW at 14.5N. Approximately one month after the 14.5N section was started, a similar survey was conducted in March along 11N (Friedrichs and Hall, 1993) . Although the sections were separated in space by only 390 km and in time by one month they show differences as well as similarities in the flow field.
There are large differences in the horizontal structure and strength of the upper layer circulation fields between the three cruises that are best represented in the cumulative layer transports (Fig. lla-g ) and similar plots in Friedrichs and Hall boundary (i.e., within 500 km of the western boundary). A similar narrow recirculation is not observed on either the 8N or 14.5N transects (Figs. lla and b) . Thus although the estimates of total northward upper layer boundary transport are similar; 7.2 Sv at SN, 11.3 Sv at 14.5N and 11.8 Sv at llN, net transports in the western basin are dramatically different; 7.3 Sv at 8N, 8.9 Sv at 14.5N and -0.2 Sv at 11N. Friedrichs and Hall (1993) ex pl ain the large recirculation in the western basin through the unusual persistence of the NECC and associated eastward motion (Katz, 1993) .
Within the AAIW layer (layer 3, Fig. llc) , there is considerable eddy activity in the western basin at 11N and 14.5N. The eddies make it difficult to define unambiguously if the AAIW recirculates in the basin. At 8N, all of the AAIW transport recirculates within a well defined gyre. All three sections show little eddy activity in the eastern basin within this layer. At 11 and 14.5N, the flow east of the MAR is in general northward, except within 1000 km of the eastern boundary at 14.5N, where the flow is southward. The absolute magnitude of the AAIW transport is still controversial. Richardson and Schmitz (1993) calculated a transport of 5.8 Sv when integrating float velocities to approximately 450 km offshore. Computations for 11N and 14.5N both show a maximum in cumulative transport of about 7 Sv near the western boundary (Fig. llc) agreeing well with the direct transport estimate.
Although the maximum southward flow in the NADW layers is similar in both sections, 26.5 Sv at 11N and 22.5 Sv at 14.5N, the horizontal structure of the deep flow is somewhat different. At llN, two limbs of southward flow are observed for water with temperatures below 4.7"C, approximately 20 Sv is within 400 km of the boundary and another 6.5 Sv between 500 and 800 km from the boundary (Friedrichs and Hall, 1993, Fig. 9 ). At 14.5N, approximately 16 Sv is within 400 km of the boundary and another 6.5 Sv flows southward at about 1000 km (Fig. 12) . At 14.5N, approximately 20 Sv of the deep flow recirculates back north in the western boundary for a net throughflow of only 6 Sv. At llN, approximately 13 Sv recirculates back to the north in the western basin for a net throughflow of 13 Sv.
The circulation pattern in the deepest layer (AABW) looks very similar at 11 and 14.5N indicating a closed circulation cell of about 2.5-3 Sv in the western basin. Net transport at 8 and 14.5N is small (order of magnitude: 0.5 Sv), since none of the specified water type (a4 > 45.9) is encountered in the eastern basin. Friedrichs and Hall (1993) using a different definition of AABW (0 < 1.8"C), compute a net transport of 2.1 Sv across the 11N section which depends completely on the northward motion within the eastern basin. They claim that the source of this water has to be the Vema Fracture Zone since within the eastern basin no major connection to the southern Atlantic exists at this depth range.
Conclusions
Absolute velocity calculations at 14.5N show a northward boundary current in the upper thermocline that is divided into a branch over the shallow shelf and a second branch at the shelf break. A similar picture emerges at 8N. Only the branch over the shelf break at 14.5N transports SUW with maximum salinities of 37.2 and was probably connected to the NEC. Northward transport of thermocline waters including the AAIW amounts to 11.3 Sv in the shallow part of the water (H < 1000 m) and 13.2 Sv in the branch over the shelf break. This northward flow is feeding the inflow into the Caribbean through passages within the Lesser Antilles.
Our transport calculations give a magnitude of the western boundary current of about 24.5 Sv. (This is an upper bound since it ignores the counterflow between the two northward branches.) Direct current measurements in the passages between the Lesser Antilles provide a check for these transport estimates. Two month-long current measurements in the four major passages through the Lesser Antilles, carried out by Stalcup and Metcalf (1972) resulted in a westward transport of 26.5 Sv of water entering from the Atlantic. The transport components through the Grenada, St. Vincent, St. Lucia and St. Dominica passages were 9.6, 9.7, 5.9 and 1.3 Sv, respectively. The T/S properties of the two western boundary current branches differ considerably. Within the branch over the shelf the salinity maximum is below 36.5 while the branch over the shelf break transports SUW with a maximum salinity of 37.2. This branch must have its origin in the North Equatorial Current (NEC). A schematic of the flow is presented in Figure 10 . It can be confirmed from T/S relationships that water masses from both branches enter the Caribbean through the four passages between the Lesser Antilles, with SUW being observed in the northern two passages only.
The near bottom flow at 14.5N shows influences of colder and fresher AABW in the eastern basin than to the north and south with potential temperatures less than 1.75"C and salinities less than 34.868. The diluted form of AABW has entered the basin through the Vema Fracture Zone. As described by McCartney et al. (1991) most of it flows east in a very narrow tongue. The low values observed at 14SN must be part of a northward flowing branch of AABW. The measurements indicate that a tongue of water with temperatures less than 1.75"C extends north from the sill exit of the Vema Fracture Zone to at least 14.5N.
The tropical ocean is dominated by large seasonal fluctuations associated with changes in the wind field. This variability has to be considered in the interpretation of volume and heat transport estimates. A comparison with climatological wind data (Isemer and Hasse, 1985) showed that the measurements at 14.5N represented a typical period in the seasonal cycle. The seasonal meridional overturning cell had a strength of 17.7 Sv, and we calculated a heat transport estimate of 1.37 -t 0.42 PW. However, Friedrichs and Hall (1993) obtained a heat transport value of only 0.3 to 0.59 PW at 11N a month later. Part of this change seems to be connected to fluctuations in the wind field. While the trade winds were strong and steady along 14SN during February they were extremely weak a month later along 11N. The uncharacteristically low wind stress values were confined to the eastern basin (Cherekin and . Over an area of about 1000 km offshore the African coast the wind stresses were close to zero. As a result the Ekman transport along 11N calculated from the observed winds amounts only to 9.1 Sv compared to 15.9 Sv along 14SN.
Since the heat transport in the tropical ocean is dominated by the wind-driven component estimates of heat transport are affected strongly by the choice of Ekman transport. We thus presented as seasonal estimates of heat transport as well as annual means and decomposed these into components defined by Hall and Bryden (1982) . The wind-driven component is the largest contributor to the heat transport in the tropics (8,14.5N) in both situations. While the barotropic component is largest at 25N. This not only due to the fact that the magnitude of the boundary current increases to the north from 17-22 Sv at 8N to 30 Sv in the Florida Straits. It is also due to the fact that the water transported north by the Gulf Stream is considerably warmer than the NBC waters. Almost all of the transport in the Straits of Florida is achieved at temperatures above 9.5"C only a negligible amount (less 1 Sv) is found at temperatures between 9.5-7°C which is the lowest temperature class observed (Leaman et al., 1989 ). Hall and Bryden give an average potential temperature for the boundary current of 15.6"C which is more than 10°C warmer than the section average. Temperatures in the NBC at 14.5N are much lower. At depth greater than 500 m (cf. Fig. 4a ) temperatures drop below 10°C even over the shallow shelf and nearly reach 5°C at the bottom. This is the influence of waters of South Atlantic origin which are transported north by the NBC. As a result the potential temperature of the boundary current region (Sts. 1-8) is 9.36"C which is only 3.4"C higher than the section average. At 8N the averaged potential temperature of the boundary current (Sts. 184-177) is only 2.5"C warmer than the section average and amounts to 7.98"C. The definition of the boundary current at 8N and 14.5N is not as obvious as in the Florida Straits where it is confined by topography. We used the velocity sections (cf. Figs. 7 and 8) and defined the boundary current as the region of strong northward flow with the station limits as given above.
The high variability in the wind-driven transport and its dominance in the heat transport budget are only one reason why the seasonal heat transport estimate for 11N by Friedrichs and Hall differs considerably from the others in Table 5a . Examination of transports in water mass layers shows differences in strength and position of circulation patterns in almost all layers. Thus part of the differences in heat transport estimates are caused by these changes in baroclinic structure. This can also be seen from the fact that heat transport calculations using a climatological monthly value only raises the estimate to 0.59 PW.
In the annual mean a broad maximum of heat transport emerges between 8 and 25N with amplitudes of about 1.2 PW. Model results have indicated such a structure but had not been able so far to give precise magnitudes of heat transport.
